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frequent very strong CAOs, where frequencymaxima are
located off Novaya Zemlya and, a bit weaker, in the
western Barents Sea.
While the spatial patterns of elevated CAO frequencies

in the Irminger Sea,west of Svalbard, and in theNorwegian
and western Barents Seas agree with previous studies (e.g.,
Kolstad et al. 2009; Kolstad 2011; Fletcher et al. 2016), this
is not the case for the Greenland and Iceland Seas, as well
as the easternBarents Sea,where theprevious studies show
rather low frequencies. This discrepancy is likely an artifact
of the method employed for the identification of CAOs in
these previous studies. Typically, the depth of CAOs that
form as off-ice flows increases with fetch from the sea ice
edge froman initially shallow layerof often less than200-hPa
depth (e.g.,Brümmer1996, 1997;RenfrewandMoore1999).
Accordingly, CAOs remain undetected close to the sea ice
edge if the 800- or 700-hPa levels are used for the calculation
of the air–sea potential temperature difference.
We obtain a detailed picture of the geographic loca-

tions where CAO air masses form from CAO formation

rates (Fig. 4). Two strikingly different behaviors are
apparent for the classes of weak and moderate to very
strong CAOs, respectively. Topographic boundaries,
including the coasts of southeast Greenland, Iceland,
and Novaya Zemlya, as well as and most prominently
the sea ice edge, constitute the main formation regions
for moderate to very strong CAOs (Figs. 4b–d). Fur-
thermore, owing to the warm SSTs, the Norwegian coast
is an important formation region for moderate and
strong CAOs. Significant formation rates of very strong
CAOs are restricted to the northernmost portion of the
sea ice edge in the Greenland and Barents Seas, where
very cold Arctic air masses can be accessed. The Fram
Strait is particularly conducive for the export of Arctic
air masses—a circumstance that is reflected in the col-
located maximum of the formation rate across all in-
tensity classes. In contrast to moderate to very strong
CAOs, weak CAOs also form within the ocean basins
(Fig. 4a), whereby the spatial distribution of the SST
plays a key role. Specifically, the high formation rate

FIG. 3. Mean frequencies of CAOs with trajectories binned according to CAO intensity. Note that each time step
contributes toward the frequency in the bin with the highest intensity for which a trajectory is present such that the
frequencies in the four bins are additive. The mean sea ice boundary (50% sea ice concentration) is shown by the
gray contour.
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contribute substantially to the upward turbulent heat flux
in a narrow band along the Norwegian coast.
These findings imply that off the sea ice edge in the

Iceland and Greenland Seas, west of Svalbard, and the
eastern Barents Sea a small number of intense CAOs
has a tremendous impact on the winter upward turbu-
lent heat flux, whereas the upward turbulent heat flux in
the Irminger and Norwegian Seas is predominantly de-
termined by frequent weak and moderate CAOs. This
suggests that the winter mean upward turbulent heat
flux in the former regions is more prone to interannual
variations in synoptic activity than in the latter.

b. Lagrangian evolution of surface turbulent heat
fluxes

The previous considerations of the thermodynamic
evolution of CAOs suggest that the amount of energy
extracted from the ocean by a CAO air mass depends
not only on its initial air–sea potential temperature dif-
ference but also on the evolution of the SST along its
pathway. Thus, the question arises whether very strong

CAOs that form over colder waters, as is the case along
the sea ice edge in the Greenland Sea, are more efficient
in extracting energy than moderate CAOs that form
over warmer waters, for example in the Irminger Sea. To
address this inherently Lagrangian question, we first
assess the temporal evolution of the surface turbulent
heat flux along CAO trajectories. Second, we quantify
the sensible and latent heat fluxes extracted along CAO
trajectories during their CAO phase (i.e., 0# t# t0) for
each subregion and intensity class.
Figure 11 shows the temporal evolution of surface

sensible and latent heat fluxes for each subregion. Sen-
sible heat fluxes scale approximately linearly with the
air–sea potential temperature difference, whereas latent
heat fluxes saturate toward the limit imposed by satu-
ration specific humidity at the SST (Papritz et al. 2015).
For CAOs forming over warm waters, namely in the
Irminger and Norwegian Seas, the latent heat flux ex-
ceeds the sensible heat flux at all times. In contrast,
sufficiently intense CAOs forming over the cold waters
off the sea ice edge extract sensible heat more efficiently

FIG. 10. Percentage of positive (upward) surface turbulent heat flux (sensible and latent) associated with CAO
trajectories (a) for all trajectories and (b)–(d) for moderate to very strong trajectories. Note that percentages in
(b)–(d) are additive. The mean sea ice boundary (50% sea ice concentration) is shown by the gray contour.
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FIG. 5.Mean horizontal mass fluxes (vectors) and theirmagnitude (shading) associated with CAO trajectories for
296 h# t, 0 h (i.e., four days before CAO formation). Only trajectories with an intensity of uSKT 2 u. 4K are
included. The trajectories are divided into subsets according to their location at t5 0 h in subregions (cf. Fig. 1a and
green boxes): (a) Irminger Sea, (b) Iceland Sea, (c) Greenland Sea, (d) Svalbard, (e) Norwegian Sea, and (f) eastern
Barents Sea. The mean sea ice boundary (50% sea ice concentration) is shown by the gray contour.
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flows from the ice sheet (Heinemann and Klein 2002)
enhance these CAO airmass fluxes, especially along the
coast of northeasternGreenland.Greenland’s topography
plays a less important role for shaping the airmass fluxes
associated with CAOs west of the Svalbard Archipelago

(Fig. 5d). The main cause for the strong cold airmass
fluxes and the associated peak in CAO formation rates
observed here lies in the northern position of the sea ice
edge and the strong air–sea temperature contrast associ-
ated with the warm waters of the West Spitsbergen

FIG. 6. As in Fig. 5, but for 0 h, t# 96 h (i.e., four days after CAO formation).
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than latent heat. However, the relative importance of
latent over sensible heat fluxes increases as these CAO
air masses are advected away from the sea ice edge over
increasingly warmer waters, where the latent heat fluxes
can exceed the sensible heat fluxes in the later stage of
the CAO evolution. A similar increase of the relative
importance of the surface latent heat flux over the sen-
sible heat flux with fetch from the sea ice edge has been
documented by in situ observations of CAOs west of
Svalbard (Brümmer 1997).
The large spread in turbulent heat fluxes during the

48h prior to CAO formation shows that 25% to 50% of
the trajectories in the Irminger (Fig. 11a), Iceland
(Fig. 11b), and Norwegian (Fig. 11d) Seas have been
exposed to surface fluxes, most likely associated with
antecedent CAO formation in the Labrador and Iceland
Seas, Greenland Sea, and Barents Sea, respectively (see
section 3b). Such a preconditioning of the CAO air
masses is absent in the case of purely Arctic air masses
leading toCAOs in theGreenland Sea (Fig. 11c) andwest
of Svalbard (Fig. 11e), as well as the eastern Barents Sea
(Fig. 11f). Subsequent to CAO formation, turbulent heat
fluxes peak within 6h in all subregions, followed by a
decay to 50% of the peak value during 18 to 36h after

CAO formation. Thereby, the decay is most rapid for
rather short-lived CAOs in the Norwegian Sea and the
eastern Barents Sea.
The integrated sensible heat flux in each subregion

scales approximately linearly with the initial air–sea
potential temperature difference (Fig. 12a), supporting
the previous scaling arguments. Comparing the same
intensity classes between subregions reveals further that
the integrated sensible heat flux for moderate and strong
CAOs is largest in the Greenland Sea, followed by the
Iceland Sea and the Svalbard subregion. The shorter
lifetimes of CAOs in theNorwegian Sea, as well as in the
eastern Barents Sea, limit the integrated sensible heat
flux. The effect of increasing SST along trajectories in
the Greenland and Iceland Seas carries less weight for
very strong CAOs, as the increase of the SST is smaller
there than the gain of potential temperature due to di-
abatic heating. It is interesting to note that very strong
CAOs are often accompanied by intense winds in the
Irminger Sea (median ’ 17ms21; 90th percentile ’
28m s21), which considerably enhance the sensible heat
loss from the ocean such that the extracted sensible heat
is comparable in magnitude to that of the Iceland and
Greenland Seas trajectories.

FIG. 11. As in Fig. 7, but for surface turbulent (sensible and latent) heat fluxes in the period 248 h# t# 96 h. In addition, the median
sensible and latent heat fluxes are shown by gray dashed and dotted lines, respectively.
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trajectories in the Iceland and Greenland Seas encoun-
ter increasingly warmer waters, implying that potential
SKT increases at a similar rate as potential temperature
for a duration of more than 24h after CAO formation
(Figs. 7b,c). As a result, the air–sea potential tempera-
ture differences are maintained against diabatic warm-
ing of the air masses by surface sensible heat fluxes and
the release of latent heat for about 24–30 h.
Since surface sensible (and latent) heat fluxes in

CAOs scale with the air–sea potential temperature dif-
ference (cf. Papritz et al. 2015), the surface energy input
along these trajectories remains high as well. Conse-
quently, CAO trajectories are subject to the most intense
diabatic heating rates in these subregions (Table 1). In
particular, trajectories in the Greenland Sea stand out
with the most intense cooling rates prior to CAO for-
mation. Furthermore, they have the lowest potential
temperature and consequently the largest air–sea po-
tential temperature difference at the time of CAO for-
mation, which is consistent with the large formation rates
of strong and very strong CAOs along the sea ice edge in
this region.Hence, the diabatic heating rate of 50%of the

Greenland Sea trajectories exceeds 9Kday21, whereby
10% are heated at a rate in excess of 16Kday21.
As a fraction of Svalbard trajectories (Fig. 7e) flow

over the colder waters in the Barents Sea, as well as over
Scandinavia (cf. Fig. 6d), these trajectories are exposed
to surface fluxes for a short period only and the median
heating rate is lower than in the Greenland and Iceland
Seas. However, owing to trajectories moving over
warmer waters, the 90th percentile of the heating rate of
Svalbard trajectories is as large as that of Iceland Sea
trajectories (;14Kday21).
Trajectories in the eastern Barents Sea also experi-

ence typical Arctic cooling rates prior to CAO forma-
tion (Table 1 and Fig. 7f), leading to a low potential
temperature and a pronounced air–sea potential tem-
perature difference at t5 0 h. However, because of the
geographical location of the Barents Sea, many of these
trajectories reach land or return into the Arctic soon
after CAO formation, which is reflected in a rapid re-
duction of the median potential SKT. This limits their
capability to extract energy from the ocean by surface
fluxes and thus to be heated diabatically. Nevertheless,

FIG. 7. Evolution of potential temperature (color) and potential skin temperature (gray; only shown for t$ 0) along CAO trajectories
for CAOs forming in subregions as defined in Fig. 1a: (a) Irminger Sea, (b) Iceland Sea, (c) Greenland Sea, (d) Norwegian Sea,
(e) Svalbard, and (f) easternBarents Sea. Themedian, the interquartile range, and the 10th–90th-percentile range are shown by a solid line
and dark and light shading, respectively. Only moderate to very strong CAO trajectories are considered with uSKT 2 u. 4K.
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Convergence zones in cold air outbreaks
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Convergence zones in Cold Air Outbreaks
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- wind-speed: > 15 m s-1 (up to 35 m s-1) 
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- both hemispheres 
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Polar Low Occurrence

FIG. 3. (a),(d),(g) Track densities, (b),(e),(h) cyclogenesis densities, and (c),(f),(i) lysis densities for (a)–(c) all PMC tracks, and PMCs
formed in (d)–(f) forward shear (FS) and (g)–(i) reverse shear (RS) conditions. Unit is number of PMCs per extended winter per 104 km2.
Note the difference in the color bars.
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Polar Low Environmental Conditions

is present over the Norwegian Sea (;688N). However, this
temperature gradient is weaker than for forward shear
conditions. The lower troposphere is characterized by a
strong cold air outbreak, where the coldest air and
strongest low-level winds are located in the western
Norwegian Sea (Fig. 4d). The resulting pattern is a
northwest–southeast-oriented temperature gradient,
roughly perpendicular to the Norwegian coast. Thus,
reverse shear conditions are characterized by a low-
level baroclinic zone on the eastern flank of a cold air
outbreak, and a nearly barotropic upper troposphere
above the genesis area.

Both forward and reverse shear conditions are charac-
terized by a cold air outbreak, indicated by the southward
low-level flow off the ice-covered region and the relatively
cold temperatures over the northern part of the Nordic
Seas (Figs. 4b,d). However, during reverse shear condi-
tions the cold air outbreak features stronger low-level
winds and colder temperatures. Furthermore, in the case
of reverse shear conditions, the cold air penetrates farther
south and covers the western part of the Norwegian Sea.
Polar lows developing in forward shear environments

tend to propagate in an eastward direction, whereas
polar lows developing in reverse shear environments

FIG. 4. (top) Composites of the geopotential height at 500 hPa (m; black solid lines), potential temperature on the 2-PVUsurface (K; shading),
and the 95%and 99% confidence levels calculated for the 500-hPa geopotential (blue dashed and solid lines, respectively). (bottom)Composites
of the horizontal wind (arrows) and temperature at 850 hPa (K; shading), difference between SST and temperature at 500 hPa (K; black line
representing the 43-K contour, threshold not reachedduring forward shear conditions), and the 95%and99%confidence levels calculated for the
850-hPa temperature (blue dashed and solid lines, respectively). (a),(b) Composites for forward and (c),(d) reverse shear conditions. Confidence
intervals are with respect to the differences from the mean wintertime values.
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Terpstra, Michel, and Spengler (2016)
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Polar Low Environmental Conditions

Stoll, Spengler, Terpstra, and Graversen (2021)

30 P. J. Stoll et al.: Polar lows – moist-baroclinic cyclones

Figure 7. Composite maps of the 850 hPa temperature (shading) and geopotential height (black contours) associated with the polar lows
within each shear category. Green contours: track densities associated with each category calculated by the number of track points within a
250 km radius. The roses depict the track distribution of the propagation direction and speed.

development, whereas the shear categories successfully iden-
tify synoptic conditions leading to different types of PL de-
velopment (Fig. 7).

4 Intensification mechanisms

4.1 Baroclinic setup

The temperature as well as the upper- and lower-level flow
fields for forward-shear PLs (Fig. 8a) resemble the structure
of a smaller version of a mid-latitude baroclinic cyclone that
develops along the polar front featuring a typical up-shear2

tilt with height of the low-pressure anomaly (e.g. Dacre et al.,
2012), where the trough axis of the tropopause depression
is displaced against the shear vector compared to the closed
surface-pressure circulation. Reverse-shear systems are char-
acterised by an intense low-level trough together with a
tropopause trough that is centred up-shear (Fig. 8g).

Right- and left-shear conditions are characterised by a
closed low-level vortex or a low-level trough, respectively,
and feature a tropopause depression with its trough axis lo-
cated up-shear (Fig. 8d, j). Thus, all strong-shear categories
feature an up-shear vertical tilt between the surface pressure
anomaly and the upper-level depression, which is character-
istic of baroclinic development (Holton and Hakim, 2013).

2Opposite direction to the shear vector

Consistent with the vertical tilt of the pressure anomaly,
the low-level circulation is associated with down-gradient
warm-air advection down-shear in the warm sector. For for-
ward (reverse) shear conditions, the warm sector is ahead
of (behind) the PL with respect to its propagation direction.
For right (left) conditions, the warm sector lies to the right-
hand (left-hand) side of the PL track. Analogously, the low-
level circulation is associated with an up-gradient cold-air
advection in the cold sector, which is located up-shear. Low-
level temperature advection by the cyclone generates eddy-
available potential energy and contributes to the amplifica-
tion of the PL (see first term of Eq. 5 in Terpstra et al., 2015).

Downstream of the upper-level trough, the flow diverges
and hereby forces mid-level ascent (Fig. S11), which is
co-located to the area of precipitation (second column in
Fig. 8). The rising motion occurs near the surface low-
pressure anomaly and further intensifies the PL through vor-
tex stretching and tilting (not shown). The interaction be-
tween the upper and lower levels is supported by a low
static stability between lower and upper tropospheric lev-
els (Fig. 5d). This suggests that the baroclinic development
spans the entire depth of the troposphere and is not confined
to the low levels as suggested by Mansfield (1974).

4.2 Diabatic contribution

Most of the precipitation occurs along the warm front in the
sector left down-shear of the PL centre (Fig. 8b, e, h, k) in an

Weather Clim. Dynam., 2, 19–36, 2021 https://doi.org/10.5194/wcd-2-19-2021

P. J. Stoll et al.: Polar lows – moist-baroclinic cyclones 31

Figure 8. Composite maps on a PL-centred grid with propagation direction towards the right associated with the four strong-shear categories.
Left column: temperature anomaly at 850 hPa (shading), sea-level pressure (black contours, 2 hPa spacing), and tropopause height (green-
dashed contours, spacing 200 m). The inset shows the mean of the vertical-shear vector within the category (compare to Fig. 4). Middle
column: total column water vapour (shading), total precipitation (contours, 0.2 mmh�1 spacing), and vertically integrated water vapour flux
(arrow, reference vector in b). Right column: 10 m wind vectors (quivers), surface sensible heat flux (shading), and surface latent heat flux
(contours, spacing 20 W m�2).

area of low conditional stability (✓e,2 m � ✓e,500 hPa ⇡ �6K ,
Fig. S11), likely moist symmetrically neutral or slightly un-
stable (Kuo et al., 1991b; Markowski and Richardson, 2011).
The area of precipitation is co-located with increased cloud
cover featuring a comma shape (Fig. 2). The release of latent
heat associated with the precipitation leads to the production
of potential vorticity underneath the level of strongest heating
and hence intensifies the low-level circulation within a moist-
baroclinic framework (Davis and Emanuel, 1991; Stoelinga,

1996; Kuo et al., 1991b; Balasubramanian and Yau, 1996).
As the latent heat release primarily occurs in the warm sec-
tor, it further increases the horizontal temperature gradient,
which contributes to the generation of eddy-available poten-
tial energy (Terpstra et al., 2015).

For all shear conditions, the moisture that is converted to
precipitation originates from the warm sector. In forward-
and left-shear conditions, PLs propagate towards the warm
and moist sector (Fig. 8b, k), while the moisture is trans-

https://doi.org/10.5194/wcd-2-19-2021 Weather Clim. Dynam., 2, 19–36, 2021
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Role of diabatic processes for Polar Low Development

Terpstra, Spengler, and Moore (2015)

1992 A. Terpstra et al.

(a) (b)

(c) (d)

Figure 5. Vertical cross-sections at 18 h for (a, c) DRY and (b, d) MOIST; small inserts show the location of the cross-section (horizontal line) and sea level pressure
perturbation. (a, b) Meridional wind speed, positive (negative) values imply a northward (southward) meridional wind direction, (contours, negative dashed, with
interval 0.2 m s!1) and potential vorticity deviation from the zonal mean (shading, PVU = 10!6K m2kg!1s!1). (c, d) Temperature deviation from the zonal mean
(shading, K), latent heating (bold line, negative dashed, with interval 0.1 J kg!1s!1) and vertical velocity (thin lines, negative dashed, with interval (c) 0.01 Pa s!1, (d)
0.1 Pa s!1). Black dots indicate the zonal location of the sea level pressure minimum.

similar to Ce between 12 and 21 h in MOIST. The slight difference
in timing is most likely explained by the finding of Moore and
Montgomery (2005) (henceforth MM05), who pointed out that
an increased amplitude of the initial perturbation results in earlier
saturation, and thus an earlier onset of diabatic amplification, as
maximum wind speeds feature 3.5 m s!1 in MOIST versus 7 m s!1

in YN07.
To elucidate the dynamical mechanism associated with the

early diabatic intensification, we present the vertical structure
of the disturbance around the time of the largest ratio Ge/Ca
between diabatic and baroclinic energy conversion, i.e. +18 h.
Figure 5(a, b) shows the meridional velocity and deviation of
PV from the zonal mean. In DRY, the structure has virtually
no tilt and significant PV perturbations are absent (Figure 5(a)).
In contrast, the structure in MOIST is tilted down-shear and
a PV dipole, consisting of a positive PV anomaly below and a
negative PV anomaly above, is visible (Figure 5(b)). Previous
studies of growing disturbances in moist baroclinic environments
without upper-level forcing associated this low-level PV dipole
with the DRV mechanism as a result of the redistribution of PV
by diabatic processes (e.g. Parker and Thorpe, 1995; Wernli et al.,
2002; MM04; MM05; Moore et al., 2008).

Generation of Ge in Eq. (5) implies the co-location of a
positive temperature perturbation and latent heating. To verify the
location of heating, Figure 5(c, d) shows the temperature deviation
from the zonal mean with total latent heating superposed. In
MOIST, the positive temperature anomaly is elevated compared
with DRY and co-located with the latent heating maximum. There
is a negative temperature anomaly below the positive temperature
anomaly, associated with evaporative cooling and melting from
precipitation (not shown). A negative temperature anomaly can
be found above the maximum of latent heating, most likely
associated with adiabatic cooling due to forced ascent above the
heating.

In the case of the DRV growth mechanism, the lifting of
moist air to release latent heat is associated with isentropic up-
gliding of the northward component of the low-level circulation
in a baroclinic environment. Isentropic up-gliding is evident

in both simulations, with vertical velocity maxima occurring in
the poleward flow to the east of the cyclone (Figure 5(c, d)).
However, the vertical velocity maximum in MOIST (Figure 5(c))
is significantly larger than in DRY (Figure 5(d)) and is located at
higher levels. It should be noted that heating from the convective
parametrization is absent, confirming isentropic up-gliding as the
dominant mechanism for air to reach saturation.

Compared to previous midlatitude idealised DRV simulations
(MM05), the disturbance in MOIST is more shallow and develops
at a faster rate. However, the qualitative structure is consistent. In
MM05, the maximum ratio of Ge/Ca occurs after day 2, whereas
the maximum in MOIST occurs after 18 h. To account for the
different growth rates between MOIST and MM05, we compare
the vertical location of the negative PV anomaly at twice the
integration time of the occurrence of the maximum diabatic
amplification, i.e. +36 h for MOIST and day 4 for MM05. At
this time the negative PV anomaly is located at around 475 and
675 hPa (not shown) in MM05 and MOIST, respectively, whereas
the amplitude of the perturbations are comparable.

Even though we use similar values of relative humidity
compared to previous midlatitude studies, it should be noted
that the values of specific humidity are significantly reduced
at higher latitudes due to decreased air temperatures. Thus,
only a relatively small amount of latent heat can be released
at higher latitudes, as the maximum available amount of latent
heating is directly related to the absolute values of water vapour.
Therefore, it is noteworthy that diabatic processes still dominate
the intensification of the low-level disturbance in MOIST with
the amplitude of the PV anomalies being similar to midlatitude
DRV simulations, thereby yielding an equally intense DRV-like
mechanism.

A plausible explanation is the scale contraction in MOIST
compared to midlatitude DRV simulations, as diabatic PV
production is associated with vertical gradients in diabatic heating

Dq

Dt
= ! · !!̇ , (10)

c" 2014 Royal Meteorological Society Q. J. R. Meteorol. Soc. 141: 1987–1996 (2015)

Dry Moist

Meridional wind 
(contour) and PV 

(shading)

Temperature anomaly 
(shading) and vertical 

velocity (contour)



Role of diabatic processes for Polar Low Development
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Figure 5. Vertical cross-sections at 18 h for (a, c) DRY and (b, d) MOIST; small inserts show the location of the cross-section (horizontal line) and sea level pressure
perturbation. (a, b) Meridional wind speed, positive (negative) values imply a northward (southward) meridional wind direction, (contours, negative dashed, with
interval 0.2 m s!1) and potential vorticity deviation from the zonal mean (shading, PVU = 10!6K m2kg!1s!1). (c, d) Temperature deviation from the zonal mean
(shading, K), latent heating (bold line, negative dashed, with interval 0.1 J kg!1s!1) and vertical velocity (thin lines, negative dashed, with interval (c) 0.01 Pa s!1, (d)
0.1 Pa s!1). Black dots indicate the zonal location of the sea level pressure minimum.

similar to Ce between 12 and 21 h in MOIST. The slight difference
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saturation, and thus an earlier onset of diabatic amplification, as
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a PV dipole, consisting of a positive PV anomaly below and a
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However, the vertical velocity maximum in MOIST (Figure 5(c))
is significantly larger than in DRY (Figure 5(d)) and is located at
higher levels. It should be noted that heating from the convective
parametrization is absent, confirming isentropic up-gliding as the
dominant mechanism for air to reach saturation.

Compared to previous midlatitude idealised DRV simulations
(MM05), the disturbance in MOIST is more shallow and develops
at a faster rate. However, the qualitative structure is consistent. In
MM05, the maximum ratio of Ge/Ca occurs after day 2, whereas
the maximum in MOIST occurs after 18 h. To account for the
different growth rates between MOIST and MM05, we compare
the vertical location of the negative PV anomaly at twice the
integration time of the occurrence of the maximum diabatic
amplification, i.e. +36 h for MOIST and day 4 for MM05. At
this time the negative PV anomaly is located at around 475 and
675 hPa (not shown) in MM05 and MOIST, respectively, whereas
the amplitude of the perturbations are comparable.

Even though we use similar values of relative humidity
compared to previous midlatitude studies, it should be noted
that the values of specific humidity are significantly reduced
at higher latitudes due to decreased air temperatures. Thus,
only a relatively small amount of latent heat can be released
at higher latitudes, as the maximum available amount of latent
heating is directly related to the absolute values of water vapour.
Therefore, it is noteworthy that diabatic processes still dominate
the intensification of the low-level disturbance in MOIST with
the amplitude of the PV anomalies being similar to midlatitude
DRV simulations, thereby yielding an equally intense DRV-like
mechanism.

A plausible explanation is the scale contraction in MOIST
compared to midlatitude DRV simulations, as diabatic PV
production is associated with vertical gradients in diabatic heating
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Polar Lows Challenges

• Small scale and short lived 

– Difficult to resolve in global models 

– Absent in large-scale climate models 

– Forecasting challenging (meso-scale initialisation) 

• Processes at work still debated 

– Relative contribution of baroclinic vs. diabatic 

– Influence of surface fluxes 

– impact on deep ocean convection and cold air outbreaks 

Lack of understanding hampers our current and future assessment of 
polar lows and their impact



Polar Lows Feedback on Ocean and CAO

In relatively coarse-resolution models mesocyclones
are not well resolved. For instance, Condron et al. (2006)
found that in the ECMWF ERA-40 dataset, with an
equivalent grid spacing of approximately 125 km, many
mesocyclones with a diameter of less than 500 km are
missing. Concluding from our results, this would imply
that the erosion of the cold air mass in marine CAOs is
too slow, leading to an overestimation of the intensity
and lifetime of CAOs in such models. This view is
supported by a comparison of the cold air mass at
1200 UTC 26 June 2010 in REF (Fig. 15a) with that in a
simulation at a strongly degraded resolution of 1.08 3
1.08 (approximately 110 km; Fig. 15b). In the coarse-
resolution simulation the mesocyclone M3 essentially
fails to develop such that no splitting of the cold air mass
into two tongues occurs, concomitant with a much-
weaker diabatic erosion. Consequently, the cold air
mass is substantially overestimated, increasing the spa-
tial extent of the CAO and prolonging its lifetime.

7. Conclusions

In this numerical process study, the mechanisms
governing the large-scale evolution of an intense, ma-
rine CAO that occurred in the RS and ABS were
quantitatively investigated in an isentropic framework.
To this end, a simulation of the event at high resolution
(;5.5 km) was performed using the numerical weather
prediction model COSMO. Conceptually, four stages in
the development of the CAO were identified, during
which its evolution is shaped by different dynamical
processes. These stages are the following:

(i) the accumulation of cold air mass over the Ross Ice
Shelf and in the interior Ross Sea,

(ii) the export of cold air mass across the sea ice edge
below an incipient upper-level PV trough,

(iii) the formation of a cutoff dome of cold air mass over
the open ocean when the supply of cold air mass
ceases, and

FIG. 14. (a) Lagrangian schematic of the relevant physical processes during CAO stages 2–4, whereby the horizontal
axis represents time and the vertical axis is height. Shown are the height of the mixed layer (blue), the 280-K isentrope
(black), clouds (gray), surface sensible and latent heat fluxes (red arrows), radiative cooling (blue arrow), and con-
vective and turbulent mixing (circular arrows). Latent heat release associated with the mesocyclones essentially con-
tributes to the erosion of the cold air mass, indicated by the large red arrow. The stages of the CAO development are
discussed in detail in the text. (b) Schematic evolution of uSKT 2 u850 (green) in the CAO air mass.

JANUARY 2016 PAPR I TZ AND PFAHL 333

Papritz and Pfahl (2016)

LETTERS NATURE GEOSCIENCE DOI: 10.1038/NGEO1661

0

20

¬20

40

¬40

60

! 
N

o
. 
d

a
y

s
 >

1
,0

0
0

 m

Greenland Sea

1.2

1.3

1.4

1.5

1.6

1.7 N
o

. m
e

s
o

c
y

c
lo

n
e

s
 ("

 1
0

3
 D

J
F

M
)

Greenland Sea

1978 1980 1982 1984 1986 1988 1990 1992 1994 1996 1998

Calendar years

Norwegian Sea

¬2,000

¬1,500

¬1,000

¬500

0

¬1,500

¬1,000

¬500

0

! 
c

o
n

v
e

c
ti

o
n

 d
e

p
th

 (
m

)
! 

c
o

n
v

e
c

ti
o

n
 d

e
p

th
 (

m
)

a

b

c

Figure 3 | The impact of polar lows on open-ocean deep convection in the
Nordic seas. a, The difference (Perturbation minus Control) in the number

of days each year (July–June) with open-ocean convection >1,000 m in the

Greenland Sea (coloured bars), plus the number of polar lows each winter

(December–March (DJFM); dark grey line) over the northeast Atlantic.

b,c, The difference in the maximum depth of open-ocean convection each

month in the Greenland Sea (b) and the Norwegian Sea (c).

South of the GIS ridge, the North Atlantic subpolar gyre (SPG)
represents an important part of the AMOC and is composed of
the warm, saline northward flow of the Gulf Stream and Irminger
Current, the cold, fresh westward flow of the East and West
Greenland Currents, and the cold, fresh, southward flow of the
Labrador Current. The circulation of the gyre is maintained by
buoyancy contrasts, wind forcing, and dense water overflows from
the Nordic and Labrador seas22,23. Note that dense water from
the Labrador Sea (Labrador Sea Water) is also formed by deep
convection in the Irminger Sea17,24; and here including polar lows
(Fig. 1) increases the mean annual monthly mixed-layer depth by
237m. The strength of the SPG is calculated by averaging the
monthly mean barotropic streamfunction over the entire gyre. The
Control has a mean strength of 12.1 Sv. Including polar lows causes
the gyre to spin-up by 0.47 Sv (3.9%) on average over the full
21 years and be stronger 80% of the time (Fig. 4b). After five
years there is a more-or-less sustained increase in gyre strength,
so that for the last 15 years the gyre is stronger 90% of the time
by an average of 0.67 Sv (5.5%). The eastern part of the gyre (east
of 50� W), that is, the part subject to direct polar low forcing,
spins up by 0.56 Sv (4.6%) over the full 21 years and by 0.79 Sv
(6.8%) over the last 15 years. The lagged increase in SPG strength,
following an increase in mixed-layer depth in the Nordic seas,
has been modelled previously23 and attributed to the coupling
of baroclinicity and the barotropic mode. A two-tailed t -test for
the entire gyre and the eastern part show the 21-year averages
to be significantly different (p < 0.02 and p < 0.01 respectively).
In addition a two-tailed binomial test is significant at the 99% level,
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Figure 4 | The impact of polar lows on monthly volume and heat
transports in the North Atlantic. a, The difference (Perturbation minus

Control) in the volume of DSOW at Denmark Strait (negative values

represent an increase in southward flow). There is a sustained increase in

the volume of DSOW after 10 years when polar lows are resolved, leading

to an extra 3.2⇥ 10
4

km
3

(3%) of deep-water reaching the North Atlantic.

b, The difference in barotropic streamfunction of the subpolar gyre,

highlighting that the entire gyre spins up when polar lows are included

(negative values represent an increase in cyclonic rotation). c, The

difference in northward heat transport at 55
�

N in the North Atlantic. Red

(blue) colours indicate an increase (decrease) in heat transport. The

cumulative difference in heat transport (black line) indicates that after 21

years an extra 8.97⇥ 10
6

PJ of heat has been transported northwards

owing to resolving polar lows.

confirming that resolving polar lows plays a key role in setting
the pace of the SPG.

The spin-up of the SPG is accompanied by an increase in
northward heat transport (Fig. 4c); at 55� N this is greater in 68%
of months in the 21-year integration (statistically significant at the
95% confidence level in a two-tailed t -test and at the 99% level in a
two-tailed binomial test). The impact of polar lows is again found to
be cumulative so that for the last 15, 10 and 5 years the heat transport
is greater in 70%, 74% and 75% of months, respectively. As a result,
the average increase in heat transport over the last five years peaks
at 0.025 PW (4%), which is statistically significant in a two-tailed
t -test at the 95% level (p< 0.02). During the 21-year integration,
the persistent increase in northward heat transport leads to an extra
8.97⇥106 PJ of heat being transported polewards.

Using a state-of-the-art oceanmodel capable of resolving narrow
boundary currents, sills and overflows we find that mesoscale
atmospheric forcing over the northeast Atlantic, in the form of
parameterized polar lows, plays an important role in the circulation
of the Nordic seas and subpolar North Atlantic. Our analysis of the
surface and deep basins of the North Atlantic shows that polar lows
are influencing the circulation of the Greenland Sea gyre and the
frequency, depth and area of deep convection. This in turn increases
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Polar Lows Challenges Ahead

How will the occurrence and 
severity of these phenomena 
alter with Climate Change?

What is the influence of 
surface fluxes on polar low 
development?

What are the 
implications for the fully 
coupled atmosphere-
ocean-sea ice system?

How good are our 
predictive capabilities to 
offer guidance and safety 
for the northern sea route?


